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ABSTRACT

More than half of the predicted rise in future sea level caused by the enhanced greenhouse effect is currently
thought to be due to the thermal expansion of the oceans. Here methods for quantifying this thermal expansion
component of sea level rise in ocean general circulation models (GCMs) are developed. A simple linear model
of ocean heat uptake allows one to find an expression for the future global trend of sea level rise as a function
of globally averaged sea surface temperature. The authors also present a robust procedure for obtaining spatial
maps of sea level rise in three-dimensional ocean models. The authors then apply these techniques to the ocean
components of three runs of the Commonwealth Scientific and Industrial Research Organisation fully coupled
GCM. Two of these experiments have been performed with a recent parameterization of oceanic mesoscale
eddies. It is shown that this eddy parameterization significantly lowers ocean heat uptake and future sea level
rise in ocean GCMs. For the models running with the new eddy parameterization, the simple linear heat uptake
model underestimates the sea level rise found in fully coupled GCMs by approximately 10%.

1. Introduction

Sea level rise is quantitatively captured by two key
pieces of information: atrend line of the expected global
mean sea level rise over the next 100 or so years and,
at some future point in time, a global map of sea level
rise variations about the mean value found at that time.
The global trend can be obtained from fully coupled
general circulation models (GCMs) and from simpler
models of the climate system that mimic the behavior
of the fully coupled GCMs, but the global sealevel rise
map must rely on the complexity of detail that can only
be found in the fully coupled GCMs.

Here we will be concerned with both aspects of sea
level rise. For the global trend, we analyze the output
of an ocean-only GCM running with today’s climate,
and we develop asimplelinear model for the subduction
of heat into the interior ocean. This results in an ex-
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pression for the global thermal expansion of the ocean
as being asimple convolution with the global seasurface
temperature (SST) time series. We then compare sea
level as estimated with this linear model to the global
trend in sea level that is found in three separate exper-
iments from the Commonwealth Scientific and Indus-
trial Research Organisation (CSIRO) fully coupled
GCM (Gordon and O’ Farrell 1997; Hirst et al. 2000).
For the spatial map part of sea level rise, we develop
an inverse method that can be used on the output from
these same coupled GCM experimentsto produce global
maps of sea level rise.

At this stage there is little alternative to what is pres-
ently being used by the Intergovernmental Panel on Cli-
mate Change (IPCC) for estimating the global trend in
future sea level under different forcings of greenhouse
gases. IPCC (1990, 1992, 1996) base their sea level
trend estimates on an upwelling diffusion—energy bal-
ance climate model, a model developed over the last
decade by Wigley and Raper (1987, 1992, 1993). This
relatively simple climate model has been tuned from the
fully coupled GCMs of Cubasch et al. (1992), Manabe
and Stouffer (1994), and Murphy (1995). This is
achieved by selecting values for parameters such as the
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climate sensitivity, the ocean upwelling rate, and the
ocean vertical diffusion coefficient so that the results of
the simple climate model fit the fully coupled GCMsin
some sense. A problem with the coupled GCMsiis still
that their computational cost is so high that the simpler
ocean model used by the IPCC is necessary for pre-
dicting the full range of future sealevel rise correspond-
ing to a realistic range of atmospheric forcing. It is
known that the one-dimensional upwelling—diffusion
ocean model also has major shortcomings (Wigley and
Raper 1993).

To develop an alternate global trend model, we apply
linear operator theory to the uptake of heat from the
base of the ocean mixed layer to its interior. By con-
sidering the heat contents of the mixed layer and spec-
ified layers in the ocean interior, we are able to relate
the internal temperature of the ocean to the ocean’s SST.
This is achieved by calculating Green’s functions for
the linear uptake of heat by the interior layers by dif-
ferentiating the responses of an ocean GCM under Heav-
iside forcing of a passive tracer at the ocean’s surface.
Once the Green’s functions are known, we use thermal
expansion coefficients of the ocean’s layersto arrive at
an expression for the thermal expansion of the ocean as
a function of SST.

Throughout we will be making use of the temporal
residual mean (TRM) parameterization of mesoscal e ed-
dies, which makes an impressive improvement in the
currently run ocean GCMs. GCMs of the ocean exhibit
some well-known deficiencies, including the deep ocean
being insufficiently dense, the thermocline being too
diffuse, and the surface mixed layer being too deep.
Recent theoretical work (Gent et al. 1995; McDougall
and Mclntosh 1996) has provided a new mean velocity
that can be used in these models to advect tracers (in-
cluding temperature and salinity). This new velocity
represents the effect of mesoscale (~100 km) eddies on
the transport of tracers. The total mean velocity of trac-
ersistermed the TRM velocity, and the present param-
eterization of this new velocity is based on the work of
Gent and McWilliams (1990). There is much scope for
improvements in the parameterization of the TRM ve-
locity, but already the crude parameterization of this
new velocity field has led to remarkable improvements
in ocean modeling. In subsequent sections we will be
making comparisons between models run both with and
without this TRM parameterization.

It should be pointed out that the methods devel oped
here and the maps of sea level rise that we find in the
CSIRO coupled model are for the thermal expansion
component of sea level rise only. They do not include
any melting or accumulation of land-based ice or any
local effects of a geological nature.

Section 2 contains descriptions of the two ocean
GCMsused inthisstudy. In section 2awe give adetailed
description of the Bryan—Cox ocean GCM used to es-
timate the ocean’s thermal expansion Green'’s function.
Section 2b then describes the CSIRO fully coupled
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GCM developed at CSIRO’s Division of Atmospheric
Research in Melbourne, Australia. Throughout we in-
clude a discussion of the beneficial effects that the new
TRM parameterization has in the ocean GCMs. In sec-
tion 3a we describe how linear operator theory can be
used to generate a simple model of global thermal ex-
pansion. This provides a method for estimating future
global sea level trends under differing surface-forcing
scenarios. Section 3b contains theory underlying the
generation of the spatial maps of sea level rise in cou-
pled GCM output. Next, section 4a presents the Green's
functions for two ocean models (one running with and
the other without the TRM parameterization) and com-
pares estimates of sealevel rise from these Green’sfunc-
tions with those found in CSIRO’s fully coupled GCM.
Section 4b provides spatial maps and a discussion of
regional sealevel risein CSIRO's fully coupled GCMs,
while section 5 concludes the paper.

2. The ocean general circulation models
a. The ocean-only GCM

The ocean model used for estimating global thermal
expansion of the oceans is the modular ocean model
version of the Bryan—Cox ocean general circulation
model developed at the Geophysical Fluid Dynamics
Laboratory (GFDL) (Bryan 1969; Cox 1984; Paca-
nowski et a. 1991). The basic model configuration has
been described in England et al. (1994) and England
and Hirst (1997), so only a summary is given here. The
model geometry matches that used extensively within
several recent coupled ocean—atmosphere model studies
at the GFDL (e.g., Manabe et al. 1991, 1992; Stouffer
et al. 1989). The model domain consists of a global
coverage of the World Ocean extending from the Ant-
arctic continent to the North Pole. The model bathym-
etry represents a smoothed version of the real World
Ocean bottom topography. The model grid spacing is
approximately 4.5° lat X 3.75° long with 12 or 21 (see
later) unequally spaced vertical levels.

The ocean model is forced at the sea surface by sea-
sonally varying climatological boundary conditions of
temperature, salinity, and wind stress. The atmosphere-
to-ocean momentum flux is determined from the wind
stress climatology of Hellerman and Rosenstein (1983)
interpolated spatially onto the model grid and temporally
at each time step. Temperature (T) and salinity (S) are
damped toward the climatological values of Levitus
(1982) with uniform restoring timescales of 30 days for
T and 50 days for S. In both experiments considered, the
ocean model is integrated with a fixed time step for T
and S of one day at al depths. The integrations continue
until the equilibrium criterion of England (1993) is met,
which in each case requires 3000—4000 model yr.

The two experiments considered each feature a pa-
rameterization for the effect of mesoscale eddies. In one
experiment, ‘“ horizontal background” (HB), the widely
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used scheme of Cox (1987) is adopted to include the
effect of tracer diffusion along isopycnal surfaces. We
call this experiment HB because a horizontal back-
ground diffusivity must be used in order that the model
remains stable. This scheme has been shown to have
only a minor effect on the deep density field compared
with standard Cartesian mixing models (England 1993;
Hirst and Cai 1994). However, the diffusion along is-
opycnal surfaces creates an additional pathway for pen-
etration of surface water into the ocean interior. Spe-
cifically, the HB experiment differs from a Cartesian
mixing model (like that of England et al. 1994) only in
that an additional mixing of tracers is included along
the isopycnal surfaces (after Redi 1982; Cox 1987), and
the horizontal diffusivity is a constant value of A, =
0.75 X 107 cm? s, We have chosen to follow the choice
of isopycnal and horizontal diffusivity exactly as in
Manabe et al. (1991, 1992).

The other experiment, labeled TRM, features the
scheme of Gent and McWilliams (1990) and Gent et al.
(1995) for representing the adiabatic transport effects
of baroclinic eddies. This parameterization of Gent et
al. (1995) is a scheme for implementing the TRM cir-
culation in a z-coordinate model (McDougall and Mc-
Intosh 1996). The results of Danabasoglu et al. (1994),
England (1995), Danabasoglu and McWilliams (1995),
Hirst and McDougall (1996, 1998), and England and
Hirst (1997) demonstrate that the use of this scheme
results in marked increases in the deep water density
and an associated reduction in convection. These studies
indicate improvements in the steady-state simulation of
deep temperature and salinity, and the sensitivity of tran-
sient ventilation rates to the scheme has been explored
using chlorofluorocarbons (England 1995; Robitaille
and Weaver 1995; England and Hirst 1997) and bomb-
produced radiocarbon (Duffy et al. 1995).

Specifically, the TRM experiment differsfrom the HB
case in that (i) a parameterization is included for the
effect of eddy-induced transport as per Gent et al.
(1995), (ii) the horizontal diffusivity is set to zero, and
(iii) the number of model levelsisincreased to 21. The
implementation of the Gent et al. (1995) parameteri-
zation isas detailed in Hirst and McDougall (1996). The
TRM diffusivity, which determines the strength of the
eddy-induced transports, is set at 1.0 X 107 cm2 st A
highly desirable feature of the Gent et al. (1995) pa-
rameterization is that it allows the model to be run with
small or zero horizontal diffusivity. Thereislittle phys-
ical justification for inclusion of horizontal diffusivity
(e.g., McDougall and Church 1986), and it is retained
in the other experiments solely to ensure numerical sta-
bility. It has been shown to significantly degrade model
solutions—for example, by causing an unredistically
large diapycnal flux of buoyancy and by inducing large
diapycnal volumetransports (e.g., Veronis1975; Boning
et a. 1995; Hirst et a. 1996a).

For numerical reasons, the incorporation of TRM into
ocean GCMs requires somewhat higher vertical reso-
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lution than that typically used in non-TRM models. For
an ocean of depth around 5000 m, about 20 levels are
required when adopting TRM, compared to order 10 in
non-TRM cases. As such, we construct vertical levels
inour TRM runsthat preserve the basic model geometry
used in HB while enhancing the vertical resolution in
TRM. Thisisachieved by splitting the deeper HB levels
into two TRM levels. Because ocean ventilation and
overturn is little changed in HB when resolution is in-
creased in this manner [see appendix in England and
Holloway (1998)], it was not necessary for us to rerun
the HB experiments at the higher TRM vertical reso-
lution. In particular, differences between the HB and
TRM cases are almost exclusively due to differencesin
the lateral mixing parameterizations.

Figure 1 shows the maximum surface layer convec-
tion depth in the two experiments over the World Ocean.
The maps are derived from determination of the depth
attained by convective adjustment from the surface at
each time step during an annual cycle of the equilibrated
model runs. Included in the analysis are those regions
where the slope of the isopycnal surfaces exceeds 1 part
in 100 (corresponding to the maximum slope set for
isopycnal diffusion), which generates vertical diffusion
terms that partly mimic and replace explicit convective
mixing (Hirst and Cai 1994). The HB case shows ex-
tensive deep convection in the Southern Ocean. The
widespread deep convection between 55° and 70°S con-
flicts with observations, which suggest that this band is
mostly characterized by upwelling of old circumpolar
deep water and shallow surface mixed layers (e.g., Ol-
bers et al. 1992). In contrast to HB, convection in the
TRM case is largely limited to the Antarctic shelf and
to north of the polar frontal zone (both thought to be
regions of convective mixed-layer formation; e.g., Mc-
Cartney 1977; Killworth 1983).

To diagnose the rate of surface water overturn, we
take the equilibrated ocean circulation model (typically
derived from a 3000—4000-yr integration) and restart
the integration with an additional tracer (D) initially at
zero concentration everywhere. The model is then run
with the surface boundary condition D(x, y) = 1 unit
m-2 for several hundred years. The concentration of
tracer D is governed by the standard tracer conservation
equations used for T-S.

Water in direct contact with the surface (i.e., the up-
permost model level) has a dye concentration D of 1
unit m-2 throughout the integration, whereas the interior
grid boxes are gradually filled with the surface dye at
a rate determined by the ventilation timescales of the
model. Water in convectively active regionswill be rap-
idly flushed by the idealized surface dye, whereas water
in the deep North Pacific might wait hundreds of years
until the first significant levels of surface dye contam-
inates the region. The transient response of the model
to the injection of dye will track the gradual renewal or
flushing of the ocean system by water originating from
the sea surface.
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Fic. 1. Maximum depth of surface level convective overturning (m) during a complete annual cycle
of the equilibrated ocean model experiments; (a) and (b) are for the HB and TRM ocean-only GCM
experiments, respectively.
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b. The CSRO fully coupled GCM

The CSIRO coupled model is a comprehensive gen-
eral circulation model that contains atmospheric, oce-
anic, sea ice, and hiospheric submodels. The coupled
model is described by Gordon and O’ Farrell (1997) and
Hirst et a. (2000), so only a brief summary is given
here. The atmospheric component is spectral with hor-
izontal resolution limited by arhomboidal truncation at
wavenumber 21. In the vertical, the atmospheric model
is discretized on nine levels in a sigma coordinate sys-
tem. The model has full diurnal and annual cycles, grav-
ity wave drag, a mass flux scheme for convection, semi-
Lagrangian water vapor transport, and a relative hu-
midity—based cloud parameterization. The sea ice com-
ponent isfully described in O’ Farrell (1998). It includes
cavitating fluid rheology and three-level ice thermo-
dynamics. Advection and divergence of seaice can re-
sult from both wind stress and transport by the ocean
currents.

The ocean component is similar to that described in
section 2a, with chief differences as follows. The tem-
perature-salinity grid points are coincident with the
physics grid of the atmospheric component, with spac-
ing approximately 3.2° lat X 5.6° long. Corresponding-
ly, the oceanic horizontal viscosity is9 X 10° cm? s4,
compared with a value of 2.5 X 10° cm? st used in
the ocean-only GCM of section 2a. The vertical diffu-
sivity (k,) is set as a function of local static stability
after Gargett (1984). As for the ocean-only GCM, mix-
ing of tracersis also performed along the neutral density
surfaces according to Cox (1987) using an isopycnal
tracer diffusivity of 1 X 107 cm? s2.

Results from two versions of the coupled model are
presented here. The two versions differ only in their
oceanic components, and we again refer to them as the
HB and the TRM versions of themodel. The HB version
(Gordon and O’ Farrell 1997) includes ahorizontal back-
ground diffusivity (k) that tapers from 1.2 X 107 cm?
st at the surface to 0.5 X 107 cm? st in the deep
ocean, with an e-folding decay depth of 500 m, and no
eddy-induced advection. In the TRM coupled model
(Hirst et al. 2000), the ocean component has zero hor-
izontal background diffusivity and, instead, uses the
TRM scheme of Gent et al. (1995). As for the ocean-
only GCM, a TRM diffusivity of 1 X 107 cm? st is
used. In the coupled model, this diffusivity is tapered
over the top 270 m of the ocean to zero at the surface.
Again, the two versions of the coupled model differ in
the number of oceanic levels, with 12 in the standard
version and 21 in the revised version. The increase in
vertical resolution in the latter was implemented to en-
sure acceptable numerical behavior in the absence of
horizontal diffusion. However, theincreasein resolution
is implemented in such a way as to provide as little
impact as possible on the physical character of the so-
lution (see Hirst et a. 2000). In summary, the differ-
ences between the two versions of the coupled model
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TABLE 1. Integrations with the CSIRO coupled ocean—atmosphere
model featured in the present study. All transient (global warming)
integrations commence from the end of year 30 of the respective
control integration.

Period of
Integration integration CO, scenario
HB—control 1000 yr Constant (330 ppm)
TRM—control 1000 yr Constant (330 ppm)
HB95 1973-2100 1S92a CO, only
TRM96 1973-2100 1S92a CO, only
TRM97 1880-2100 1S92a CO, equivalent (CO,

and other trace gases)

correspond very closely to the differences between the
two versions of the ocean-only model.

Table 1 summarizes the five coupled model integra-
tions examined here. Control (constant CO,) integra-
tions are performed for both versions of the coupled
model, following identical experimental procedures
(Gordon and O'Farrell 1997; Hirst et al. 2000). The
atmospheric and sea ice components were spun up to-
gether using climatological SST. Both versions of the
ocean component were spun up in several stagestotaling
several thousand years of integration, using a surface
restoration to climatological SST and surface salinity.
Surface fluxes from the final 10 yr of the atmosphere—
seaice integration and from the final 100 yr of the two
ocean integrations were saved and averaged to obtain
monthly values, from which flux adjustments were cal-
culated (see Gordon and O’ Farrell 1997, their appen-
dix). The control integrations were initialized using the
final state of the atmosphere and of the respective ocean
from the above spinup integrations. These integrations
feature a constant atmospheric CO, level of 330 ppm
and are continued for 1000 yr. The two control simu-
lations were compared in Hirst et al. (2000), where it
was shown that differences in stratification and con-
vection similar to those evident between the HB and the
TRM ocean-only models in section 2a are maintained
for the duration of the control integrations.

Results from three transient (increasing CO,) inte-
grations are presented here. The first two, referred to as
HB95 and TRM96 to indicate coupled model version
and year of model run, both feature a prescribed at-
mospheric CO,, concentration (which follows the lower
curve in Fig. 10a). This CO, scenario is the 1S92a sce-
nario for atmospheric CO, alone from 1973 to 2100 (see
IPCC 1992), without consideration of the radiative forc-
ing effects of other trace gases or aerosols. The HB95
and TRM96 transient responses were compared in Hirst
et al. (1996b), where it was shown that the increase in
depth-integrated heat content was considerably greater
in HBY95 than in TRM96 in the Southern Ocean but was
elsewhere similar in the zonal mean for the two inte-
grations.

The third transient integration, referred to here as
TRM97, is performed only with the TRM coupled mod-
el version and features an atmospheric CO, concentra-
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tion (following the upper curve in Fig. 10a). This sce-
nario is computed so asto effect the changesin radiative
forcing resulting from changes in concentration of CO,
and other trace gases, but not aerosols, according to
Shine et al. (1990) and Kattenberg et al. (1996) over
the period 1880-1990, then according to the | S92a sce-
nario (Kattenberg et al. 1996) over the period 1990—
2100. The early (1880) commencement avoids potential
cold start errors resulting from the recent (1973) initi-
ation of the two previous runs.

The TRM97 solution is discussed in Hirst (1999). It
displays arate of warming to the present in the Southern
Hemisphere that is broadly in accord with that observed
(though observational data are very poor), but aratein
the Northern Hemisphere roughly double that observed.
A factor contributing to this discrepancy may be the
neglect of aerosol radiative effects, which have been
shown to reduce the rate of warming primarily in the
Northern Hemisphere (Mitchell and Johns 1997). These
effects were deliberately ignored in the forcing of
TRM97, mainly because of the very large uncertainty
of the size of their contribution. However, the thermal
expansion component of sea level rise is a globa phe-
nomenon, and we will attempt to take some account of
the aerosol effect in the presentation of resultsin section
4b.

3. Methodology

a. The trend model: A density-layered model of
global thermal expansion

Linear operator theory provides a general mathe-
matical setting for the trend model. Under the assump-
tion that a response function ¢, (t) has some linear re-
lationship with a forcing function f(t) (beit viaalinear
differential or integral operator, or some other more
complicated linear operator), then there is a Green's
function g(t) for which

(1) = J gt — u)f(u) du. @

This result is well known in many different disciplines
of science, Green's functions also being known as (im-
pulse) response functions, influence functions, and
source functions (see, e.g., Greenberg 1971; or But-
kovskiy 1982).

It followsimmediately from (1) that the Green’sfunc-
tion g(t) completely determines the response of alinear
system. It is also well known that the Green’s function
can be calculated by simply differentiating the response
function ¢, (t) in (1) when the forcing function f(t) is
the unit Heaviside step function x(t),

o,

pr @

at) =

We use this property (2) for estimating a Green’s func-

JACKETT ET AL.

1389

tion for the heat uptake of the internal ocean. We do
this, however, using a layered model of the ocean.

Church et al. (1991) evaluated the thermal expansion
component of sea level rise using a density-layered
model of the ocean that was driven by changes in sea
surface temperature. Their model domain is shown in
Fig. 2 where we have a global ocean with a surface
mixed layer lying above seven equal volume layersin
the main thermocline and a larger deeper layer under-
neath. Heat is transferred from the surface mixed layer
into the underlying eight density layers by the process
of subduction along the density layers.

The layered concept in oceanography is appealing
because the diffusivity with which properties are mixed
across density surfaces is known to be a factor between
10¢ and 108 smaller than the diffusivity with which
properties are mixed along density surfaces. Thismeans
the rate at which tracers (including a temperature per-
turbation) are absorbed into the ocean is governed by
the rate of the lateral advection and mixing processes
that happen along density surfaces. The use of a passive
tracer to characterize the way in which the ocean takes
up heat has been justified by the oceanic subduction
arguments of Church et al. (1991) and Bindoff and Mc-
Dougall (1994). They have shown that even though the
density of an individual fluid parcel changes upon
warming, when the parcel is subducted into the ocean
interior it still contributes to sea level rise, despite the
fact that its density has changed so that it may, in fact,
belong in a different one of our eight layers.

Theincorporation of propertiesinto the ocean interior
by subduction relies, in turn, on ahost of other processes
occurring in or near the surface mixed layer, including
Ekman pumping, Ekman transport, turbulent mixing,
and convective overturning. Our Green's function ap-
proach to characterizing a layer’s tracer burden incor-
porates all these detailed processes to the extent that
they are well represented in the GCMs. Once a fluid
parcel |eaves the ocean mixed layer, our physical picture
is of adiabatic motion along isopycnals, but the Green's
function approach is not constrained in thisway. Rather,
the Green's functions will include the effects of any
diapycnal mixing of our tracer, whether this diapycnal
mixing is by an explicit diapycnal diffusivity or is due
to the horizontal diffusion across steeply sloping iso-
pycnals (in the HB case).

The response of each layer to warming at the sea
surface is thus determined from studying the behavior
of a passive tracer in a global ocean model (see section
2afor a complete description of this ocean model). The
global model is integrated to a steady state, and then
the passive tracer is suddenly imposed at the seasurface;
that is, the tracer value is instantaneously changed from
0 to 1. The tracer is then advected and diffused in the
ocean model in the same manner as salt and temperature.
This has been done both in a model that includes the
new TRM advection scheme of Gent and McWilliams
(1990) and in one that does not include this scheme (the
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Fic. 2. Layered model of the ocean over the top 1000 m of depth showing the mixed layer
and eight density layers, as found in Church et al. (1991).

HB model). Throughout, we keep track of the tracer
value in the three-dimensional computational domain,
allowing us to make the following calculations.

We concentrate on just one layer k and let the total
volume of this layer be V,. Consider the burden of pas-
sive tracer B,(t) in layer k at time t, that is, the volume
integral of passive tracer integrated over layer k at time
t. It is clear that the volume-averaged concentration of
passive tracer in the interior of layer k, c.(t), is given
by

Bk(t) — BkO
Vk - BkO ,

where B,, is the burden of passive tracer that instantly
appears in the mixed part of layer k. Since the tracer
value imposed at the sea surface is unity, B, is the
mixed-layer volume of layer k. Defining b, (t) = B, (t)/V,
as the volume-averaged passive tracer value for layer
k, the internal concentration c,(t) can be written alter-
nately as

c(t) = ©)

bk(t) - ka
1-Db, '

where b, = B,,/V, is the mixed-layer volume fraction
of layer k.

Now the average interior tracer concentration for lay-
er k, c. (1), is the response to Heaviside forcing of the
mixed-layer tracer concentration. Assuming a linear
model as in (1), it follows that c,(t) can be written as
the integral of the Green’s function g,(t) of this layer:

a(t) = (4)

VoLuME 13
(l) 2I0 4‘0 60
latitude
t
clt) = J Gt — u) du. ©)
0
Asin (2), we simply differentiate (5) to get
_ da()
a(t) =~ " (6)

Thiswe estimate numerically from the ocean-only GCM
data using a multipoint (moving average) finite-differ-
ence technique developed by Anderssen and deHoog
(1984).

For a general forcing function of passive tracer f(t),
the average interior tracer value r (t) of layer k is now
given by the convolution of the layer-forcing function
w, f(t) and the layer's Green’s function, so that

t
nd(t) = wq J gt — u)f(u) du. ()
0
Here{w,, k=1, 2, ..., 8} arelayer outcrop weights
determined from the sea surface temperature distribu-
tion in a coupled GCM. The volume-averaged tracer
value for the whole layer 7, (t) is now the volume-
weighted average of the mixed-layer tracer value w, f (t)
and the interior value r(t):

t

f () = bow f(t) + (1 - ka)ka gt — u)f(u) du.

0

©)

Expansion coefficients x, (m °C-*) can be computed
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Fic. 3. Dynamic height (cm) map from the ocean floor to the sea surface of the CSIRO coupled
model at the time of atmospheric CO, doubling.

from a coupled GCM by taking appropriate volume in-
tegrals of the thermal expansion coefficient « =
—(Lp)ap/ a6 (p being the in situ density of seawater and
0 being the potential temperature) between the layer
interfaces. (The contribution of salinity changes to the
thermal expansion of seawater was found to be lessthan
1.5% in CSIRO’s coupled GCM and so has been ig-
nored.) These can then be used to infer the contribution
Xl (1) to sea level rise from layer k. The globally av-
eraged sealevel rise h(t) that results from agiven global
forcing function f(t) is found by summing these con-
tributions y,f,(t) over all layers k and can be written
from (8) as

t

h(t) = Af(t) + f g(t — u)f(u) du, )

0

where

8
A= 2’1 xWw.nb, and

8
at) = kzl XiWi (1 — Bo)ai(t). (10)
The constant A is an effective mixed layer depth times
an appropriate thermal expansion coefficient, so that the
first term in (9) is the globally averaged thermal ex-
pansion due to the temperature change of mixed layer
fluid in the World Ocean. Similarly, the response func-

tion g(t) is the Green’s function for the contribution of
the ocean interior to global thermal expansion, obtained
by summing the contributions to thermal expansion over
all layers of our density-layered model.

b. Spatial maps of sea level rise

Spatial maps of sealevel rise can really only be made
from the ocean components of fully coupled models of
the earth’s climate system. In this section we present a
method for obtaining global maps of sea level rise from
such climate models. To illustrate the method, we will
produce maps for the latest run of the CSIRO coupled
model, the run that commenced in 1880, capturing the
full impact of greenhouse warming from early industrial
times.

An obvious method for estimating sea level riseisto
calculate changes in the dynamic height of the sea sur-
face relative to the ocean floor between the transient
and control runs. Figure 3 shows the result of doing this
for the CSIRO coupled model at the time of CO, dou-
bling (2026-2035) relative to 1880 levels. This calcu-
lation is straightforward, being just the differencein the
volumes of vertical water columns due to the changing
hydrographic fields.

The ocean component of the CSIRO coupled model
todateisa‘'rigid-lid”’ ocean model, implying additional
calculations if we are to know the pressure at the top
of the ocean model (being synonymous with sealevel).



1392

JOURNAL OF CLIMATE

VoLuME 13

B s~
(i_&0
60— YK &
AS 3 (¥
vy J
(NQe © -
40_u' . L

20

1
N
o

T

~40

..........

801 | cgen- e ‘_.'\ ..... R

~ o~ wN
o .y

PR

.............

..............
........

.............
P I e I T

T I AR

voae e L
NSNN™N S . e e e, P T
PP o N
e N NN N €. ..

D
/., B N '

1

' L I S ) [ ]

f I I R L N
~ P AR AP P e T T Y NP U,

w i Ne e

-.u\/I.-..—'».-......-. e e .

.
A e IR T T T B A

%

e

........

. ———

P

.......

PP A NN
\
o - ——t

- - -,

&
¢

...........

......

.......
........
........

.......
................
...............

--------

0 50 100 150

200 250

FiGc. 4. Transient minus the control velocities at level 6 (185 m) of the CSIRO coupled model at the time of atmospheric CO, doubling.

Equivalently, we could find the pressure distribution at
any level of the coupled model (and its associated sea
level rise), which is possible from differences in the
velocities between the control and transient runs. Figure
4 shows these differences at level 6 of the CSIRO cou-
pled model (185 m), just below the mixed layer.

Wewant the spatial pattern of pressure at afixed depth
z, in the ocean (corresponding to one of the depth levels
of the CSIRO model). It is now assumed that the hor-
izontal velocity is in geostrophic balance with the pres-
sure field at depth z,. For most of the ocean thisis a
good assumption, particularly away from continental
boundaries and below the energetic near-surface flow,
well below the wind-driven Ekman layer. The geo-
strophic balance implies that the difference between the
horizontal velocities at the end of the CSIRO transient
model run, and at the same time in the control run,
(Au, Av), isrelated to the corresponding change in pres-
sure, Ap, by

dAplox = fp,Av and JdAploy = —fp,Au.  (11)

Here f is the Coriolis parameter and p, is a reference
density, taken to be 1035 kg m—3. Boundary equations
at continental edges are given by (11) with Au and Av
both being set to zero. These equations can be applied
at a single depth throughout the global ocean, giving
an overdetermined system of equations for the pressure
difference field, Ap(x, y), a depth z,. The area-average
value for this pressure difference is set to zero. The
contribution of this pressure field to sealevel rise at any
location then comes from the hydrostatic equation by
dividing the computed pressure by gp,, where g is the
acceleration due to gravity.

Thetotal sealevel rise from thermal expansionisnow
obtained by adding a generalization of the single dy-
namic height map previously mentioned to the height
field derived from the spatial pattern of pressure at depth
z,. For each level k thereis a steric effect over the depth
range from z, to the sea surface, determined by evalu-
ating the change in dynamic height between these two
levels at every (X, y) location in the model. Thereisalso
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a change in volume of the fluid below z, caused by
changes in temperature and salinity in this depth range.
Since we have aready calculated the spatial pattern of
pressure changes at z,, the relevant contribution of the
thermal expansion of the ocean below this depth is the
globally averaged sealevel change from this expansion.
This is calculated from the same steric calculation pro-
cedure, using the changes in dynamic height at each
location, but now the water column is integrated from
the sea floor to z,, and this contribution to sea level rise
is averaged throughout the World Ocean.

Putting this mathematically, we know that for each
level k, total thermal expansion at time t, H(t), is given

by
H(t) = H(D) + HR(® + he(), (12)

where Hi(t) is the steric effect over the depth range from
z, to the sea surface, Hp(t) is the height map derived
from the spatial pattern of pressure at depth z,, and h,(t)
is the globally averaged sea level change below z, (a
scalar). Here all three maps H(t), Hi(t), and Hp(t) are
considered as two-dimensional arrays of heights (height
being 0 on land), the two dimensions being longitude
and latitude.

We point out that even though we expect the final
fields of sealevel rise H(t) to be independent of the level
k chosen, the two maps that go into making up sealevel
rise at any particular depth, namely, Hg(t) and Hp(t), can
be quite different. Figures 5 and 6 clearly demonstrate
this, by comparing maps made just below the surface
mixed layer (185 m for Fig. 5) with maps made at the
base of the main thermocline (905 m for Fig. 6). Figures
5a and 6a show the steric height maps Hg(t) from the
reference depth to the ocean surface, while Figs. 5b and
6b show the height adjustmentsHp(t) made from solving
the geostrophic relations (11) for pressure. Figures 5¢
and 6c¢ are the sum of Figs. 5a and 5b, and 6a and 6b,
respectively, plus the globally averaged sea level rise
h.(t) below level k, as in Eq. (12). We would expect
Figs. 5¢ and 6¢ to be independent of the level k chosen
for the sealevel rise calculations. Figures 5¢c and 6c are,
in fact, graphically very similar, where clearly the com-
ponents making up Figs. 5¢ and 6c—Figs. 5a,b and 6a,b,
respectively—are quite different. Maps are for the de-
cade when equivalent CO, doubling occurs in the at-
mosphere, 2026—2035.

The method of solution we chose for (11) is the two-
dimensional analog of the three-dimensional technique
used for the inversion of neutral density (see Jackett and
McDougall 1997). The basic idea is to treat the differ-
ential equations, when discretized on various numerical
grids, as overdetermined linear systems. [For the present
differential equation, no matter which grid was chosen
for the global discretization of (11), the resulting system
of algebraic equations was overdetermined.] Using in-
verse theory we can easily find the least squares solution
to this problem. For an artificial velocity field obtained
from differentiating agiven pressurefield, thisinversion
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technique was found to yield the exact pressure field.
The technique inverts for the pressure field that satisfies
Eg. (11) in a least squares sense, given the changes in
the horizontal velocity components between the control
and the transient runs of the CSIRO coupled model.

The geostrophic relations (11) were discretized on a
variety of grids, each of these discretizations resulting
in a linear system of roughly 3000 equations in 2000
unknowns. This is a computationally expensive task.
Importantly though, almost identical solutions were ob-
tained when using (12) for any level k between the
bottom of the mixed layer (~100 m) and the bottom of
the main thermocline (~1000 m). We did not take the
solution any deeper than 1000 m due to the effect of
the ocean bathymetry below this depth on the coverage
of the map.

The decomposition (12) of the thermal expansion
component of sea level rise into two quite distinct maps
Hi(t) and Hp(t) permits a test of the accuracy of nu-
merical schemes designed for the solution of systems
of differential equations like (11). It is a simple matter
to think up quite elementary numerical schemesfor fill-
ing out the two-dimensional pressure field from know-
ing pressure at just one point in x-y space. For example,
lateral integration of (11) in the x-direction followed by
integration in the y-direction, with this process being
repeated until the full two-dimensional pressure field
has been obtained, isone such technique. Figure 7 shows
the total thermal expansion from using the decompo-
sition (12) for this simple scheme, once for level 6 (Fig.
7a) and again for level 12 (Fig. 7b). Again the maps
are for the decade of equivalent CO, doubling of the
atmosphere, 20262035, relative to 1880. Inspection of
these maps shows regions of the globe where there are
significant differences in predicted sealevel rise. These
differences should be compared with the negligible dif-
ferences between Figs. 5¢c and 6c for the least squares
method. This means the least squares method is con-
sistent between levels, compared to the simpler numer-
ical scheme, which isnot. Clearly, this demonstratesthe
need for the extra computational effort required by the
least squares solution technique.

4. Results
a. Global sea level trend

In Fig. 8 we have plotted response functions to the
instantaneous forcing of D = 1 unit m=2 for al eight
layers of the density-layered ocean model calculated
from the ocean GCM experiment of section 2a. We have
shown results for timescales of 20 and 400 yr and for
the HB and TRM runs of the ocean-only GCM. It is
interesting to observe from the figure that the response
times for the layers increase monotonically from layers
1 to 8 in the TRM case. This accords with how one
imagines subduction and mixing activity in the ocean
may vary smoothly from the equator to the Poles. For
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FiG. 5. (a) Steric height (cm) map from level 6 (185 m) of the CSIRO coupled model to the sea surface.
(b) Height adjustment (cm) from the spatial map of pressure at level 6 (185 m) of the CSIRO coupled
model.
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Fic. 5 (Continued) (c) The total thermal expansion component of sea level rise (cm) deduced from
level 6 (185 m) of the CSIRO coupled model. The maps in this figure are for the time of CO, doubling

in the atmosphere (relative to 1880 levels).

the HB model, the response functionsfor the eight layers
do not vary monotonically with layer number, and one
assumes that this is a reflection of the excessively deep
convection that occurs in specific regions in high lati-
tudes.

The data from the ocean-only GCM experiment of
section 2a were annually averaged at 6-monthly time
intervals. This eliminates the effect of the seasonal forc-
ing in the ocean GCM experiment on the various re-
sponse functions. The response of the ocean at time 0
was estimated by quadratically extrapolating the values
less than a year back to the time origin. The effect of
varying the extrapolation method back to thetimeorigin
was investigated and found to be insignificant.

Figure 9 shows the result of differentiating the HB
and TRM response functions and adding, asin Egs. (9)
and (10), to get the overall Green's function of the
ocean’s sea level response to surface warming for the
HB and TRM model runs of the ocean-only GCM of
section 2a. The corresponding mixed-layer thermal ex-
pansion coefficients are 2.11 and 1.85 cm °C-* for the
HB and TRM model runs, respectively. It is clear from
thisfigure and from the size of the mixed-layer constants
that sea level rise computed from the TRM Green's
function and expansion coefficient will be significantly
smaller than that computed from the HB model results.

The technique for taking derivatives of the response
functions is based on a method found in Anderssen and
deHoog (1984) that provides an asymptotically unbiased

estimate of the derivative of discrete data as weighted
averages of derivatives of the data over larger and larger
length scales. The length scale is at the choice of the
user, the larger length scales reducing the higher-fre-
guency oscillations in the derivative estimate of the un-
derlying signal. We chose an uppermost length scale of
6 yr.

Figure 10 shows output from the three runs of the
CSIRO coupled model as described in section 2b. Figure
10a shows atmospheric-equivalent CO, forcing for the
three models, the atmospheric forcing for the HB and
TRM models commencing in 1973 being identical with
each other. In Fig. 10b we have plotted SST in the
coupled GCMs as a function of time. Finaly, in Fig.
10c we have shown global-average sea level rise in the
coupled GCM runs (solid lines), as well as estimates of
global-average sea level rise (dashed lines) from Egs.
(9) and (10), using the appropriate Green's function in
Fig. 9 and the SSTs in Fig. 10b.

From Fig. 10 it is evident that there is a significant
decrease in sea level rise when the TRM parameteri-
zation of eddiesisincluded in the ocean GCMs. For the
HB and TRM runs of the CSIRO fully coupled model
begun in 1973 and forced with the same CO, increase
(the light line in Fig. 10a), there is a 12% reduction in
sea level rise at 2100 relative to 1990. In the case of
the Green's functions estimates of sea level rise, this
reduction is almost 25% at 2100 relative to 1990.

It is aso clear from Fig. 10 that sea level rise esti-
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FiG. 6. (8) Steric height (cm) map from level 12 (905 m) of the CSIRO coupled model to the sea
surface. (b) Height adjustment (cm) from the spatial map of pressure at level 12 (905 m) of the CSIRO
coupled model.
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Fic. 6 (Continued) (c) The total thermal expansion component of sea level rise (cm) deduced from
level 12 (905 m) of the CSIRO coupled model. The maps in this figure are for the time of CO, doubling

in the atmosphere (relative to 1880 levels).

mated from the TRM Green’s functions underestimates
sea level rise in the corresponding fully coupled GCMs
(9.4% for TRM96 and 12.3% for TRM97 at 2100 and
2095, respectively). In the HB model the sign of this
difference is reversed, with the Green’s functions esti-
mate being 5.8% larger than the corresponding coupled
GCM'’s estimate at 2100. There are several reasons for
this difference in the sea level rise estimates. One dif-
ference between the fully coupled GCM estimates and
those from the Green’s functions is that those from the
latter are from an ocean-only GCM running with today’s
climate. This means the Green’s functions will not have
captured any of the changing dynamics. It is well
known, for example, that transient fully coupled ocean—
atmosphere GCMs exhibit aslowing of the thermohaline
circulation with increasing ocean temperature (see Rap-
er et al. 1996; or Hirst 1999). In addition, the two dif-
ferent ocean model s have different horizontal resolution,
different forcing by the curl of the wind stress, and
different ocean spinup techniques. The use of flux cor-
rections in the coupled GCMs will also affect the ac-
curacy of the predicted sea level rise estimates.

The only difference between the two TRM runs of
the CSIRO fully coupled GCM is in the CO, forcing,
asin Fig. 10a. The run begun in 1880 will clearly have
a larger radiative forcing on the ocean than the run
begun in 1973, both runs commencing with a CO, level
of 330 ppm. We agree with Raper and Cubasch (1996)

that it is crucial for climate modelsto be compared only
when their atmospheric forcings are the same. To
achieve this we downscal e the CO, forcing of thelonger
model run by a constant, chosen so that the total radi-
ative forcing (see Kattenberg et al. 1996, p. 320) for
both TRM runs of the CSIRO coupled model are the
same over the period 1973-2100. When thisis done we
get sea level rise estimates of 17.9 and 20.0 cm for the
two TRM runs of the CSIRO fully coupled GCM, both
figures being relative to 1990 levels. The difference is
due to the fact that we have not cold-start corrected
(Hasselmann et al. 1993) the 17.9-cm estimate from the
CSIRO model that commenced in 1973.

b. Spatial map of sea level rise

Data from the five runs of the CSIRO coupled model
of section 2b were averaged into 10-yearly means, and
sea level for each of the three global warming runs was
computed relative to the respective control run for each
10-yr period. Figures 11-13 show global maps of sea
level rise for the three global warming runs at 2091—
2100 relative to 1971-1980. We have used the least
squares technique of section 3b to produce these maps
due to the robustness of this procedure. Also, the
TRM97 response shown here has been scaled by a uni-
form factor of 0.74. This scaling factor represents the
ratio of radiative forcing change between 1973 and 2100
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Fic. 7. (a) The total thermal expansion (cm) deduced from level 6 (185 m) of the CSIRO coupled
model using a simple numerical scheme. (b) The total thermal expansion (cm) deduced from level 12
(905 m) of the CSIRO coupled model using a simple numerical scheme.
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Fic. 8. The response functions b;(t) to the instantaneous forcing of D = 1 unit m=2 for each of the eight layers for both (a) and (b) the
HB model and (c) and (d) the TRM model. The response functions are shown for both 20- and 400-yr timescales, and the numbered lines

indicate layer numbers.

for the former two (CO, only) transient runs relative to
the (CO, plus trace gases) TRM97 run and allows more
direct comparison of the pattern of response. We prefer
to scale the latter run’s response downward, rather than
vice versa, because we believe the TRM97 Northern
Hemisphere warming to be excessive (Hirst 1999) as a
result of neglect of the radiative effects of sulfate aero-
sols. Since the effect of excessive warming on sea level
in oneregion israpidly transmitted throughout the glob-
a ocean (on barotropic adjustment timescales), we ex-
pect the sea level rise to be generally biased upward in
this run as a result. We further note that the reduction
of global mean radiative forcing resulting from sulfate
emission increase almost exactly offsets the change due
to non-CO, trace gases throughout the next century,
under the highest sulfate impact scenario of Kattenberg
et al. (1996, their Fig. 6.19). Thus a CO,-only induced
change in radiative forcing (as in HB95 and TRM96)

may more closely mimic the net change resulting from
CO, plus trace gases plus aerosols than that resulting
from just CO, plus trace gases (as in TRM97), in the
global average.

There is spatial similarity between the patterns for
the two TRM runs of the CSIRO coupled model (Figs.
12 and 13), but they are both very different to that for
the HB95 run (Fig. 11). For example, Fig. 11 has the
largest sea level rise in the Southern Ocean, whereas
both Figs. 12 and 13 have the smallest sea level risein
the Southern Ocean. This is because of the different
spatial penetrations of heat into the interior ocean that
is caused by the inclusion of mesoscale eddies in the
ocean GCMs. Notice that there is more similarity be-
tween the 1996 TRM run of the CSIRO coupled model
and the maps of sea level rise in the 1997 TRM run
taken at the time of CO,, doubling relative to 1880 (i.e.,
Figs. 5¢ and 6¢) than between Figs. 12 and 13. That is,



1400

JOURNAL OF CLIMATE

(a) T T T T T T T
AN
2 |- \ ......... —
\
TN Y 1
0 \
© \
e 1r N |
0 I | I ! I ! I | — _!_ —
o] 2 4 6 8 10 12 14 16 18 20
years
2.5 © T T T T T T T T
] O I _
- L Il 1 Il L ]
100 150 200 250 300 350 400 450
years

FiG. 9. Sea level rise Green's functions for the HB (dashed line) and TRM (solid line)
ocean-only GCMs; (a) and (b) show the Green’'s functions over 20- and 400-yr timescales,

respectively.

T . ; TRM98
1 L 1

1
1880 1900 1920 1940 1960 1980 2000 2020 2040 2060 2080

2100

£ TRM96

| TRMe7 : | HBYS, ot

i ! L !

0 I + t 1 = I
1880 1900 1920 1940 1960 1980 2000 2020 2040 2060 2080

2100

SLR (c

TRM9E -
1

0 i ! | |
1880 1900 1920 1940 1960 1980 2000 2020 2040 2060 2080
year

2100
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Fic. 11. The thermal expansion component of sea level rise (cm) at the end of the 1995 HB run of
the CSIRO coupled model.

the two different TRM coupled model runs exhibit sim-
ilar spatial maps of thermal expansion when sampled at
times when the concentration of equivalent CO, issim-
ilar, but at the highest level of CO, (Fig. 13), the spatial
pattern has changed. The reasons for this change in
gpatial pattern are unknown.

Gregory (1993) calculated a global map of sea level
rise from a global coupled GCM. This map showed
extremeregional variations; for example, near New Zea-
land there was a region that had no rise of sea level,
while there were other places (such as the northwest
Indian Ocean) that had arise 50% greater than the global
mean. Comparing the extremes of Gregory’s Fig. 9 with
those in Figs. 12 and 13 here shows that the maxima
we have southeast of the African continent, adjacent to
New Zealand and in the western North Pacific, do not
occur in Gregory’s map. The western North Atlantic
high and the high sealevelsin the western North Indian
Ocean (in Fig. 13), as well as the low sea level north
of the Ross Sea, are, however, consistent with similar
patterns found in Gregory’s map. The spatial patterns
found in more recent maps (J. Gregory 1999, personal
communication) compare much more favorably with
those found in Figs. 12 and 13.

Cubasch et a. (1994) also consider the spatial pattern
of sealevel rise, using afree-surface ocean model. Their
map (their Fig. 16a) is for the year 2035 relative to
1985, which we compare with Figs. 12 and 13. All maps
show large sea level rise in the North Pacific and in a

broad region centered on New Zealand. The Cubasch
map, though, has largest sea level rise in the northern-
most part of the east Pacific, while we have alarge rise
(not the largest) in the western Pacific in Fig. 12. The
Cubasch map does not have the large sea level rise we
observe in the North Atlantic in both our maps, and in
the Southern Hemisphere some of the local maxima (or
minima) of sea level rise over large areas are inverted
between the Cubasch maps and Figs. 12 and 13.

Bryan (1996) presents a global map of dynamic
height from the sea surface to a depth of 1130 m and
discusses it as though it is a map of sea level rise.
However, we know from Figs. 3, 5c¢, and 6c¢ that there
are very significant contributions to sea level that are
due to changes below this depth. Bryan (1996) does
correct his steric height map for the ocean dynamics but
shows only the North Atlantic portion of the ocean: he
concentrates on the change in the thermohaline circu-
lation under the greenhouse effect, and the structure he
uncovers in the North Atlantic shows the way in which
the model shuts down its production of North Atlantic
deep water.

The maps of Gregory (1993) and Cubasch et al.
(1994) are the only published maps that are directly
comparable to the sea level rise maps shown in Figs.
12 and 13. Despite some striking similarities between
these maps, there are large differences over some sub-
stantial geographical areas. More than most model fea-
tures, these published maps of sea level rise from dif-
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FiG. 12. The thermal expansion component of sea level rise (cm) at the end of the 1996 TRM run of
the CSIRO coupled model when the equivalent CO, concentration was 652 ppm.
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Fic. 13. The thermal expansion component of sea level rise (cm) at the end of the 1997 TRM run of
the CSIRO coupled model when the equivalent CO, concentration was 1155 ppm.
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ferent ocean models are quite different. With the inclu-
sion of eddy parameterizations in coupled GCMs, how-
ever, the spatial variability found in the maps of sea
level rise from the different research groups are becom-
ing much more similar (J. Gregory 1999, personal com-
munication).

5. Conclusions

We have been concerned here with two quite distinct
aspects of sea level rise in ocean GCMs. namely, the
global trend in sealevel rise over the decadal -to-century
timescales and the spatial pattern of sea level rise var-
iations about this global mean. Methods have been de-
veloped that enable us to characterize these two quan-
tities in the output of fully coupled GCMs.

For the trend model, we have taken the density-layer
levels from the thermal expansion ocean model of
Church et al. (1991) and have analyzed the results of
two tracer experiments in these layersin a global ocean
GCM. The responses have been combined with thermal
expansion coefficients cal culated from a coupled ocean—
atmosphere GCM to obtain estimates of the mixed-layer
expansion coefficients and sea level rise Green’s func-
tions for the sea level response of the ocean to sea
surface temperature forcing. One of these experiments
includes the TRM parameterization of eddies, as de-
scribed by McDougall and Mclntosh (1996) and Gent
and McWilliams (1990). The effect of this parameter-
ization in ocean GCMs has been to quite impressively
improve such fundamental ocean characteristics as the
mixed-layer depth and the properties of deep water: the
results from models with the TRM parameterization ac-
cord much better with reality than those without. In the
case of the global trend in sea level, the inclusion of
this TRM parameterization translates into a substantial
decrease in future estimates of sea level rise (12%).

Despite the oceanic improvements resulting from the
use of TRM, the ocean in both stand-alone and coupled
modes still differs significantly from the observations
[see Hirst et al. (2000) for a detailed discussion of the
coupled model solution and England and Rahmstorf
(1999) regarding the stand-alone ocean model]. There
are several possible reasons for these differences, in-
cluding the coarseness of the resolution and the lack of
explicit parameterization for some oceanic processes
(e.g., downslope flow). Our study also uses preexisting
integrations spun up using surface restoring toward cli-
matological T-S. This equilibration technique remains
widely used because of uncertainties in direct heat and
freshwater flux climatologies. Nevertheless, Large et al.
(1997) found improvements in their model when bulk
flux forcing was adopted. Clearly the Green's functions
may be affected by these model—observation differenc-
es. Further, the coupled model uses flux corrections,
which could bias climate change patterns, especially
near the sea-ice margins. The testing of the Green's
function method using improved models with higher
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resolution and with reduced flux correction (or none),
and an examination of the impact of spinup techniques
on the resulting sea level calculations, are topics for
future work.

The trend model of ocean heat uptake produces es-
timates of sea level rise that underestimate by roughly
10% the sealevel rise signals seen in the TRM versions
of CSIRO’s fully coupled GCM. We have the afore-
mentioned caveats associated with the various ocean
models used in this study. However, this difference can
also be attributed to the fact that we are making a com-
parison of sea level rise estimates made from an ocean
running with today’s climate with others made from
transient fully coupled climate experimentsin which the
surface forcing is different.

Maps of the spatial pattern of sea level rise can be
made from the output of coupled GCMs using a simple
inverse method. It is shown that the solution obtained
using this inverse method is more accurate than the
solution obtained by using a simpler technique for find-
ing the spatial map of pressure at a certain depth. Again,
the inclusion of TRM physics in the ocean GCMs gives
rise to striking differences in the global maps of sea
level rise.
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